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Plate tectonics on the Earth triggered by  
plume-induced subduction initiation
T. v. Gerya1, r. J. Stern2, m. baes3, S. v. Sobolev3,4 & S. A. Whattam5

Scientific theories of how subduction and plate tectonics began on 
Earth—and what the tectonic structure of Earth was before this—
remain enigmatic and contentious1. Understanding viable scenarios 
for the onset of subduction and plate tectonics2,3 is hampered by the 
fact that subduction initiation processes must have been markedly 
different before the onset of global plate tectonics because most 
present-day subduction initiation mechanisms require acting 
plate forces and existing zones of lithospheric weakness, which are 
both consequences of plate tectonics4. However, plume-induced 
subduction initiation5–9 could have started the first subduction 
zone without the help of plate tectonics. Here, we test this 
mechanism using high-resolution three-dimensional numerical 
thermomechanical modelling. We demonstrate that three key 
physical factors combine to trigger self-sustained subduction: 
(1) a strong, negatively buoyant oceanic lithosphere; (2) focused 
magmatic weakening and thinning of lithosphere above the plume; 
and (3) lubrication of the slab interface by hydrated crust. We also 
show that plume-induced subduction could only have been feasible 
in the hotter early Earth for old oceanic plates. In contrast, younger 
plates favoured episodic lithospheric drips rather than self-sustained 
subduction and global plate tectonics.

Plate tectonics involves the independent movement of lithospheric 
plates, which is mostly powered by the sinking of dense lithosphere 
in subduction zones; therefore, understanding how plate tectonics 
began requires an understanding of how the first subduction zone 
formed. This in turn requires resolving the oceanic lithospheric  
buoyancy-strength paradox: lithosphere becomes both denser (favouring  
sinking) and stronger (impeding rupture) as it ages, cools and  
thickens. Gravitational spreading of continents at passive margins has 
been proposed to be a kick-starter of global plate tectonics in the hotter 
early Earth3, but it remains debatable8,10 how early continental crust 
formed and whether large, gravitationally unstable continents with 
thick crust could have formed without plate tectonics. It is also unclear 
whether continents are prerequisites for subduction initiation; most 
Cenozoic-era subduction zones initiated within oceanic lithosphere11. 
Another paradox is that lithospheric weaknesses are needed to initiate 
subduction, but today such weaknesses are produced by ongoing plate  
tectonics. Exogenic processes such as meteorite impacts have been sug-
gested12 as mechanisms for subduction initiation; however, impacts 
sufficiently energetic to rupture the lithosphere probably only occurred 
very early in the history of Earth. Self-organization of weak protoplate 
boundaries by ductile damage of stagnant lithosphere in zones of con-
vective downwellings has been proposed2 as a way to start plate tectonics.  
This hypothesis, however, does not address subduction initiation itself, 
which is required for plate tectonics to begin. Recognition that the 
Caribbean Large Igneous Province (CLIP), formed by the arrival of a 
large plume head 100–95 million years (Myr) ago, might have induced 
new subduction zones7 encouraged us to explore whether a similar 
mechanism might have been responsible for initiating subduction13 and 
plate tectonics8 during the Precambrian eon (>542 Myr ago).

Plume-induced subduction initiation has been previously investi-
gated by means of two-dimensional (2D) thermomechanical mod-
elling6. However, plume–lithosphere interaction is an intrinsically 
three-dimensional (3D) process and it remains unclear whether 
plume-induced subduction initiation is feasible for finger-like and 
mushroom-like purely thermal plumes. We expect that the most critical 
3D effect is ring confinement of the circular slab, which forms around 
the plume head; unless the ring ruptures, it precludes further sink-
ing of the slab into the mantle. It also remains uncertain how plume–
lithosphere interaction and related subduction initiation would have 
differed in the Precambrian Earth, where hotter upper mantle, and 
consequently a higher degree of melting, modified oceanic lithosphere 
properties, especially crustal thickness and upper-mantle rheology and 
density1. Here, we designed a 3D high-resolution plume–lithosphere 
interaction model (Extended Data Fig. 1, Extended Data Table 1) that 
allows for self-organization of new plate boundaries (Methods). The 
model takes into account melt extraction and upward transport from 
the plume, rheological weakening of the lithosphere subjected to melt 
percolation14 and crustal growth by magmatic processes (Methods).

Typical model evolution leading to self-sustaining subduction 
(Extended Data Table 2) is subdivided into five stages (Fig. 1): (1) oceanic  
plateau formation by arrival of a mantle plume head; (2) formation of 
an incipient trench and a descending nearly circular slab at the pla-
teau margins; (3) tearing of the circular slab under its own weight; 
(4) formation of several self-sustained retreating subduction zones; 
and (5) cooling and spreading of the new lithosphere formed between 
the retreating subduction zones. At the first stage (Fig. 1a), oceanic 
plateau formation by magmatic processes associates with rheological 
weakening and thinning of the underlying lithosphere, thus allowing 
for plume propagation towards the surface. This plume propagation 
enhances magma production by decompression melting and accelerates 
crustal growth atop the plume, leading to rapid plateau thickening and 
uplift. Plume penetration and plateau growth induce substantial lateral 
density contrasts at the plateau margins. This contrast in density creates 
favourable conditions for subduction initiation by the same type of 
gravitational instability that triggers subduction along oceanic trans-
form boundaries4,11. The instability reflects the juxtaposition of old, 
cold, negatively buoyant pre-existing oceanic lithosphere and young, 
warm, positively buoyant thinned lithosphere of the oceanic plateau. 
At the second stage (Fig. 1b), the oceanic plateau begins to collapse and 
thrusts radially outward over the surrounding colder oceanic plate, 
which gradually bends down and penetrates into the mantle, thus form-
ing an incipient nearly circular lithospheric slab. Slab descent is increas-
ingly resisted by the ring confinement at the base of the encircling slab. 
At the third stage (Fig. 1c), the ring confinement is overcome by tearing 
the slab. The tears become self-sustained, owing to stress focusing at 
the tips of the propagating tears combined with the non-Newtonian 
strain-weakened viscous-plastic mantle rheology (Methods). Slab tear-
ing introduces asymmetry into the initially nearly circular subduction 
system, splitting it into several independently retreating segments with 
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different orientations and dip angles. At the fourth stage (Fig. 1d), sub-
duction becomes self-sustained and retreats towards the boundaries of 
the model. The initially elevated, thick oceanic plateau collapses as it 
extends within the still-widening and cooling region of new oceanic 
lithosphere formed between retreating subduction zones. Finally, at the 
fifth stage (Fig. 1e), a mosaic of nearly independently moving, growing 

and cooling small, young, non-subducting plates heading towards 
individual retreating subduction zones forms in the widening oceanic 
region (Fig. 2). The plates are separated by spreading centres (ridges), 
triple junctions and transform faults, and thus the newly formed multi- 
slab subduction system operates as an embryonic plate-tectonic cell.

The critical parameter affecting the feasibility of plume-induced 
subduction initiation is the magnitude of magmatic weakening λmelt 
(Methods) of lithosphere above the plume, which controls the ability 
of the plume to penetrate the lithosphere and thus create the initial 
gravitational instability. When melt-induced weakening is insufficient 
( .�λ 0 01melt ), the plume head cannot penetrate the lithosphere, but 
instead spreads at the lithosphere–asthenosphere boundary, and 
upwelling stops. The plume head produces thickened crust and an ele-
vated oceanic plateau, but does not trigger subduction (Fig. 3a). In this 
situation, a long-lived plume supplying hot mantle material to the bot-
tom of the lithosphere favours lithospheric thinning even at the reduced 
intensity of magmatic weakening (Fig. 3b), thus creating favourable 
conditions for subduction initiation. A similar effect is obtained by 
increasing the size and temperature of the plume head (Fig. 3c), which 
increases its buoyancy and thus induces larger stresses in the overlying 
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Figure 1 | Dynamics of plume-induced subduction initiation under 
present-day mantle temperature conditions. The model used for the 
simulations was ‘bsayea’; see Extended Data Table 2. a, Oceanic plateau 
development (at 0.07 Myr from the beginning of the experiment);  
b, formation of an incipient trench and a nearly circular slab (at 0.56 Myr); 
c, tearing of the circular slab (at 3.79 Myr); d, formation of retreating 
subduction zones (at 9.43 Myr); and e, development of spreading centres 
and transform boundaries (at 25.63 Myr). Left and right columns show 
topography and subducted lithosphere morphology with projected slab 
surface temperature, respectively. Dashed lines indicate positions of the 2D 
cross-sections (colour code is at the bottom of the figure).
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Figure 2 | Development of an embryonic mosaic of plates separated by 
spreading centres (ridges), triple junctions and transform faults at the 
latest stage of plume-induced subduction. The model used for the 
simulations was ‘bsayea’ at 25.63 Myr; see Fig. 1e and Extended Data  
Table 2. a, Surface heat fluxes projected onto the modelled surface 
topography, showing a pattern of spreading centres (white lines with 
triangles show dip directions of retreating subducting slabs). b, Spatial 
distribution of the second strain rate invariant (�εII, where the overdot 
indicates differentiation with respect to time) at a depth of 20 km (arrows 
show horizontal velocities of individual, young, non-subducting plates 
moving towards retreating subducting slabs).
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lithosphere6. The age of the oceanic plate has a more complex influence 
on subduction initiation (Extended Data Fig. 2). On the one hand, very 
young (<20 Myr old) lithosphere does not favour self-sustained  
subduction initiation because the negative buoyancy of such plates is 
insufficient to provide the necessary slab pulling force1 (Extended Data 
Fig. 2a). On the other hand, plates that are very old (>80 Myr old), and 
thus cold and strong, are more difficult for a plume head to penetrate 
and initiate subduction (Extended Data Fig. 2d). Therefore, older  
lithosphere needs larger and hotter plumes for subduction initiation. 
Sustainability of subduction also requires rheologically weak, hydrated 
upper oceanic crust, which lubricates the incipient subduction interface 
(Methods). In the absence of such crust, subduction freezes soon after 
initiation (Extended Data Fig. 3). A similar subduction-freezing effect 
can also be achieved (Extended Data Table 2) if we assume a stronger, 
dry rheology of the plume or compositional buoyancy of the pre- 
existing oceanic lithosphere1 (Methods), caused by dehydration and 
depletion by melt extraction15. This freezing effect can, however, be 
overcome by assuming greater plate ages (>30 Myr) or faster hydration 
(weakening) of the mantle wedge by subduction-released fluids 
(Extended Data Table 2).

The Archaean mantle was 100–300 K hotter than is the modern  
mantle16, which would have produced depleted compositionally  
buoyant lithosphere (Methods) with 10–30-km-thick oceanic crust1. 
This crust thickness strongly increases buoyancy and thus decreases 
the ‘subductability’ of the oceanic lithosphere1. In addition, the crust– 
mantle boundary (‘Moho’) becomes deeper and hotter, which decreases 
the viscosity of rocks at this boundary and leads to rheological 

weakening of the plate. Here, we explore two types of Archaean oceanic 
plates: (1) a young, warm, positively buoyant and weak plate, which is 
not favourable for subduction1 (Fig. 4a) and (2) an old, cold, negatively 
buoyant and strong plate, which is favourable for subduction1 (Fig. 4b).

Plume interaction with young lithosphere results in oceanic plateau 
formation followed by nearly circular sheet-like lithospheric ‘drips’ that 
are driven by thickened lower-crust eclogitization and are terminated 
by shallow circular necking (break-off) of the descending oceanic 
lithosphere (Extended Data Fig. 4). Surface expression of the initial 
circular drip is similar to that of true subduction initiation with a pro-
nounced trench and collapsing oceanic plateau (compare with Fig. 1b 
and Extended Data Fig. 4b); however, eclogite dripping is short-lived 
and does not create coherent retreating slabs. Repetitive drips quickly 
remove pre-existing mantle lithosphere, so that thickened, hot mafic 
crust comes to overlie convecting asthenosphere (Extended Data  
Fig. 4d). An intense exchange of heat and mass then occurs between crust 
and mantle: mantle-derived melt additions contribute to further growth 
of the crust as eclogitized lower crust sinks into the mantle and re-melts. 
In contrast, plume interaction with old lithosphere results in self- 
sustained subduction, which is further assisted by strong densification 
of thick oceanic crust, owing to its eclogitization (Fig. 4b). This obser-
vation suggests that plume-induced subduction could have occurred for 
hot Archaean mantle if oceanic lithosphere at that time was sufficiently 
old, cold and thus strong and negatively buoyant1. Compositional buoy-
ancy of the depleted Archaean oceanic lithosphere with thick crust does 
not preclude subduction (Extended Data Table 2), but requires greater 
cooling ages (>60–70 Myr)1 for plate subductability compared to  
present-day mantle temperature conditions (>10–30 Myr)1.

Our results show that the arrival of a sufficiently large, hot and long-
lived mantle plume could weaken strong and dense negatively buoyant1 
oceanic lithosphere to produce new self-sustaining subduction zones, 
which are required for the beginning of plate tectonics. In addition, a 
global plate mosaic is needed to initiate modern-style plate tectonics 
with various simultaneously operating plate boundaries2. Some pos-
sibilities for creating such a plate mosaic arise from plume-induced 
subduction initiation. The newly formed oceanic lithosphere above 
the plume head makes up the first rectangular plate2 (Fig. 1d), or 
even an embryonic plate mosaic (Fig. 2). Multiple plates can also be 
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Figure 3 | Influence of model parameters on the thinning of the oceanic 
plate under a condition of reduced intensity of magmatism-induced 
lithospheric weakening. Compare with the reference model shown in 
Fig. 1. a, Failed subduction initiation caused by insufficient magmatism-
induced weakening of the plate (model, ‘bsasb’ at 7.32 Myr). b, Influence 
of a long-lived plume with a conduit providing additional heat and mass 
supply through time (model, ‘bsan’ at 2.00 Myr). c, Influence of increased 
plume size and temperature (model, ‘bsba’ at 1.24 Myr). Colour code is 
the same as that used in Fig. 1. See Extended Data Table 2 for details of the 
models.
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Figure 4 | Plume–lithosphere interaction for hotter mantle temperature 
and thicker oceanic crust. a, Development of plume-induced lithospheric 
drips for 20-Myr-old oceanic plate with 30-km-thick crust (model,  
‘bsar’ at 0.34 Myr; see Extended Data Table 2 and Extended Data Fig. 4).  
b, Development of plume-induced self-sustaining subduction for 80-Myr-
old oceanic plate with 20-km-thick crust (model, ‘bsayh’ at 2.50 Myr;  
see Extended Data Table 2). Colour code is the same as that used in Fig. 1.
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formed by at least three complementary mechanisms. First, they can 
be created by the interaction of multiple subduction zones produced 
by several simultaneous mantle plumes during enhanced mantle activ-
ity periods, perhaps corresponding to peaks of new mantle-derived 
crust formation10. Second, crustal and lithospheric thickness hetero-
geneities can result from failed subduction initiation episodes creating 
multiple elevated oceanic plateaus with thickened crust and thinned 
mantle lithosphere (Fig. 3), which could later localize plate stresses 
to form subduction zones. Third, rheologically weak, ‘frozen’ subduc-
tion zones, spreading centres and transform faults can be preserved 
in the lithosphere from past attempted episodes of subduction (Figs 1 
and 2) and/or lithospheric drip (Fig. 4a) if these episodes terminated 
at some intermediate stage (Extended Data Fig. 3) and did not result 
in global lithospheric lid resurfacing. Owing to incomplete healing of 
the deformation-related damage, these boundaries can be reactivated 
after subduction re-initiation2. These boundaries would be the first 
plate-tectonic lithospheric weaknesses that could be exploited, allowing 
formation of more subduction zones, spreading centres and transform 
faults, progressively infecting the entire lid.

Several questions remain to be addressed before this hypothesis 
can be accepted. The paramount question is why the arrival of other  
oceanic plume heads that formed large igneous provinces (LIPs) have 
not caused new subduction zones to form around them. The Caribbean 
is the only one of the eight Mesozoic and Cenozoic oceanic plateaus17 
that is thought to have triggered subduction around its margins7. 
Although collapse of surrounding oceanic lithosphere requires a large 
plume head, the size of the plume head does not seem to be the only 
controlling factor for whether or not a plume will trigger a flanking 
subduction zone. Three other aspects of the CLIP favour subduction 
initiation: (1) old age (>40 Myr) and hence large negative buoyancy1 of 
the precursor oceanic lithosphere; (2) longevity of plume–lithosphere 
interaction (duration of at least 56 Myr)18; and (3) very high plume 
temperature (up to 1,620 °C for associated Gorgona komatiites)19. Both 
the longevity and the plume temperature are maximal among Mesozoic 
oceanic hot spots and LIPs and thus caused larger melt flux through 
the lithosphere, which favoured its strong weakening (Methods). Other 
prominent oceanic LIPs, such as the Ontong Java Plateau and Shatsky 
Rise were formed on younger (<20 Myr old) and warmer oceanic 
lithosphere, compared to the CLIP. According to our 3D experiments, 
such warm lithosphere either should not subduct at all (Extended Data  
Fig. 2a) or should generate lithospheric drips without self-sustained 
subduction (Fig. 4a).

Our numerical experiments confirm that only the most energetic 
mantle plumes with large temperature excess feeding a large plume 
head are able to weaken the lithosphere enough to initiate subduction. 
Such plumes were probably present in the hotter Archaean mantle, and 
probably produced thick magmatic plateaus and possibly triggered the 
onset of global modern-style plate tectonics8. Although the thermal 
evolution of the Earth implies that plume activities in the past might 
have been less intense than at present20, geological records suggest a 
substantial level of plume activity during the Precambrian eon8,21–23. 
It has yet to be analysed what evidence in the rock record supports the 
association of subduction initiation with plumes in the Precambrian. 
In contrast to Venus, where plume-induced subduction-like features 
are observed for large circular surface structures (coronae)5,6,8, Earth 
does not offer an unperturbed record of Precambrian crust. Therefore, 
geological and geochemical data must be used instead8–10,13,24,25. 
Dhuime et al.10 studied systematic variations in hafnium and oxygen 
isotopes in zircons of different ages that reveal the relative proportions 
of reworked crust and of new mantle-derived (juvenile) crust through 
time. They showed that several Precambrian episodes of very strong 
mantle activity correspond to peaks in juvenile crust production, the 
largest of which preceded a hypothesized Archaean transition to plate 
tectonics10. Geodynamical processes that might have dominated crus-
tal growth before plate tectonics include a wide range of Venus-like 
active stagnant-lid behaviour, including mantle plumes, lithospheric 

delamination and drips, or ‘intraplate’ lithospheric extension or mantle 
upwelling8,10; these processes are consistent with our numerical results 
for hot mantle temperatures and young lithospheric plates (Fig. 4a). On 
the basis of a synthesis of geological–geochemical data, it was proposed 
in refs 8 and 9 that the formation of large plume-derived plateaus in the 
Archaean eon might have led to the onset of subduction and plate tec-
tonics. The proposed physical mechanism is similar to plume-induced 
subduction initiation and implies gravitational collapse of the growing 
plateaus, leading to lithospheric subduction along their margins. As in 
our numerical models, the onset of subduction would then have gener-
ated arc-like magmas beneath the margins of the plateaus9,26 and other 
plate-tectonic structures, such as spreading centres and transform faults 
in their extending interiors8. Geochemical evidence from Precambrian 
greenstone belts suggests close spatial and temporal associations 
between arc-like and plume-like signatures13,24,25. This evidence in 
particular suggests that short-lived (5–10 Myr) discrete subduction-like 
events were superimposed on background plume-like mantle activity13. 
Whereas arc-like signatures are not exclusive to subduction zones27,28, 
and alternative interpretations are proposed for arc-like igneous rocks 
in some Archaean greenstone belts29,30, apparent short-term evo-
lution from plume-dominated to arc-like crustal growth13 provides 
geological evidence for a link between plume activity and subduction 
initiation in the Precambrian. Depending on lithospheric strength, 
such plume–arc interactions could reflect either plume-induced self- 
sustained subduction (Fig. 4b) or plume-induced episodic drips (Fig. 4a),  
which are expected for younger lithosphere. In either case, these events 
were short-lived13, leading to short subduction-like episodes. The 
geo dynamic transition from global plume-lid tectonics with plume- 
induced short-lived lithospheric drips and embryonic subduction zones 
to global modern-style plate tectonics reflect thickening, strengthening 
and densification of the lithosphere as the result of secular cooling 
of the upper mantle. In addition to increasing strength and negative 
buoyancy1 of oceanic lithosphere with decreasing upper mantle tem-
perature, which promoted long-lasting self-sustained subduction13, 
accumulation of lithospheric heterogeneities and weakness zones2 and 
plume-assisted continental growth3,8 might have also influenced when 
and how the transition from short-lived Archaean plume–subduction 
interactions to modern-style plate tectonics occurred.

Online Content Methods, along with any additional Extended Data display items and 
Source Data, are available in the online version of the paper; references unique to 
these sections appear only in the online paper.
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METHODS
Modelling of subduction initiation. Modelling approach. The numerical thermo-
mechanical 3D C code I3ELVIS used for the modelling of subduction initiation 
is based on a combination of a finite-difference method, applied on a staggered 
Eulerian grid, and a marker-in-cell technique31,32. The momentum, mass and 
energy conservation equations are solved on the Eulerian frame, and physical prop-
erties are transported by Lagrangian markers that move according to the velocity 
field interpolated from the fixed grid. Non-Newtonian viscous-plastic rheologies 
are used in the model (Extended Data Table 1), which is also fully thermodynam-
ically coupled and accounts for melting processes as well as adiabatic, radiogenic, 
latent and frictional internal heating sources. Full details of this method, allowing 
for its reproduction, are provided elsewhere31,32.
Numerical model design. The initial model set-up places a thermal mantle plume 
(100–300 km in diameter) below an oceanic lithosphere with 8–30-km-thick 
mafic crust composed of 3-km basalts and 5–27-km gabbro (Extended Data Fig. 1,  
Extended Data Table 1). The Eulerian computational domain is equivalent to 
1,212 km ×  1,212 km ×  296 km (Extended Data Fig. 1) and is resolved with a regular 
rectangular grid of 405 ×  405 ×  149 nodes and contains 200 million randomly dis-
tributed Lagrangian markers. The model imposes free-slip mechanical boundary  
conditions on all except the lower boundary, which is open for mantle flow. 
The free-surface boundary condition atop the crust is implemented by using a 
20-km-thick ‘sticky’ air/water layer33 with low density (1 kg m−3 at 0–16 km from 
the top of the model, 1,000 kg m−3 below 16 km) and reduced33 viscosity (1018 Pa s).  
The initial thermal structure and thickness of the plate (Extended Data Fig. 1)  
is defined by prescribing its laterally uniform cooling age1,34 and respective 
geotherm34 with 273 K at the surface and the mantle potential temperature of  
1,573–1,773 K varied in different experiments (Extended Data Table 2, Extended 
Data Figs 2–4). An adiabatic thermal gradient of 0.5 K km−1 is initially prescribed 
in the asthenospheric mantle. The simplified, purely thermal, spherical mantle 
plume is prescribed in the centre of the model with elevated (by 100–300 K) 
temperature compared to the surrounding mantle (Extended Data Fig. 1). 
Temperature-dependent thermal conductivity is used for the mantle and the crust 
(Extended Data Table 1). The thermal boundary conditions are 273 K at the top, 
1,711–1,911 K (depending on the mantle potential temperature) at the bottom and 
zero heat flux on all other boundaries. To ensure an efficient heat transfer from 
the surface of the crust, the temperature of the ‘sticky’ air/water is kept constant at 
273 K. Gravitational acceleration of 9.81 m s−2 was used in the model.
Viscous-plastic rheological model. The viscous and brittle (plastic) properties 
(Extended Data Table 1) are implemented via evaluation of the effective viscosity 
of the material. For the ductile materials, the contributions from different flow laws 
such as dislocation and diffusion creep are taken into account via computation of 
the inverse average ductile viscosity η ductile
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where P is pressure, T is temperature (in kelvin), ε ε ε= /� � � 2ij ijII  is the second invariant 
of the strain rate tensor (where the overdot indicates differentiation with respect to time 
and the repeated indices i, j here and elsewhere imply summation: 
ε ε ε ε= ∑ ∑= =� � � �:ij ij i x y z j x y z ij ij, , , ,  ), σ cr is the diffusion–dislocation transition stress34, and 
AD, E, V and n are experimentally determined flow-law parameters (Extended Data 
Table 1), corresponding to the material constant, the activation energy, the activation 
volume and the stress exponent, respectively. Relatively weak, wet mantle rheology was 
used for the plume; however, models with stronger, dry mantle rheology were also tested 
(Extended Data Table 2) to account for plume dehydration due to melt extraction15.
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where λmelt =  1 −  Pmelt/P is the assumed long-term melt-induced weakening  
factor35, which depends on the ratio between the melt pressure (Pmelt) and total 
pressure (P)14, φ is the internal friction coefficient (φ0 is the initial internal friction 
coefficient; Extended Data Table 1), γ  ≥  0 is the time-integrated plastic strain 
(γ0 =  0.5 is the upper strain limit for the fracture-related weakening)36, C is the 
tensile rock strength at P =  0 (Extended Data Table 1), t is time (in seconds) and 
ε ( )�ij plastic  is the plastic strain rate tensor. We stress that melt-induced weakening 
(λmelt <  1, Extended Data Table 2) is applied locally on lithospheric rock markers 
above areas of melt extraction computed at a given time step. For all other rocks, 
no magmatic weakening has been assumed (λmelt =  1). We also point out that our 
large-scale viscous-plastic rheological model of the lithosphere is simplified and 
does not account for rock elasticity and ductile damage processes2, nor does it 
account for healing of deactivated fractures2,36.
Partial melting and melt extraction model. Melting of the mantle plume and the 
asthenosphere, as well as melt extraction and percolation across the crust–mantle 
interface and to the surface is implemented in a simplified manner36. According 
to our model, mafic magma added to the crust is balanced by melt production and 
extraction in the plume. However, melt percolation37 is not modelled directly and 
is considered to be nearly instantaneous38. The standard (that is, without melt 
extraction) volumetric degree of mantle melting, M0, changes with pressure and 
temperature according to the parameterized batch melting model of ref. 39. 
Lagrangian markers track the amount of melt extracted during the evolution of 
each experiment. The total amount of melt, M, for every marker takes into  
account the amount of previously extracted melt and is calculated as40 

= − ∑ ,M M Mm m0 ext  , where ∑ ,Mm mext  is the total melt fraction extracted during 
the previous m extraction episodes. At the beginning (Extended Data Fig. 1), all 
mantle and plume rocks are assumed to be melt-depleted (∑ =,M Mm mext 0). The 
rock is considered non-molten (refractory) when the extracted melt fraction is 
larger than the standard one (that is, when ∑ >,M Mm mext 0). If M >  0 for a given 
marker, then the melt fraction Mext =  M is extracted and ∑ ,Mm mext  is updated. 
The extracted melt fraction Mext is assumed to propagate much faster than the 
rocks deform38. Melt extracted from the mantle and the plume rises and  
adds to the bottom of the crust as hot melt intrusions (plutons) and to the surface 
as volcanic rocks35. The ratio of volcanic to plutonic rocks was varied as a  
model parameter in different numerical experiments (Extended Data  
Table 2). In some experiments, mantle density decrease due to melt  
extraction1,41 was taken into account (Extended Data Table 2) according to 
ρ ρ= ( − . ∑ )( ) M1 0 04 ,m m0,solid depl 0,solid ext, where ρ0,solid(depl) and ρ0,solid are the  
standard densities of depleted and non-depleted solid mantle, respectively 
(Extended Data Table 1).

Crystallization of magma and melting of the crust are computed from the simple 
linear batch melting model31,36
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and liquidus temperatures (in kelvin) of the crust at a given pressure P (in mega-
pascals) (Extended Data Table 1). The effective density of the mafic magma and 
molten crust is calculated as36
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where ρ0,solid and ρ0,molten are the standard densities of solid and molten crust, 
respectively (Extended Data Table 1), and ρsolid is the density of solid crust at given 
P and T computed from ρsolid =  ρ0,solid ×  (1 −  α(T −  298)) ×  (1 +  β(P −  0.1)), where 
α =  3 ×  10−5 K−1 and β =  10−5 MPa−1 are thermal expansion and compressibility 
of the crust, respectively. The effect of latent heating due to equilibrium crystalli-
zation of molten rocks is implicit in the heat conservation equation by increasing 
the effective heat capacity (CP,eff) and the thermal expansion (αeff) of the partially 
crystallized/molten rocks (0 <  M <  1), calculated as36
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where CP =  1,000 J kg−1 is the heat capacity of the solid crust and QL =  380 kJ kg−1 
is the latent heat of crystallization of the crust34.
Subducted crust dehydration and eclogitization model. The slab dehydration and 
mantle hydration model is based on the water markers approach42. The equilibrium 
mineralogical water content is computed for the crust and the mantle as a function 
of pressure and temperature from thermodynamic data by free-energy minimiza-
tion42,43. In addition, water is present as pore fluid with concentrations of up to  
2 wt% in the upper oceanic crust (basalt). The pore water content ( )XH O P2

 (in weight  
per cent) decreases linearly from the maximal value of = %( )X 2 wtH O P2 0

 at the 
surface to 0 wt% at a depth of 75 km: = ( − . Δ )( ) ( )X y X1 0 013 ,H O P H O P2 2 0

 where Δ y 
is the depth (0–75 km). The pore water release also mimics effects of low-temper-
ature (T <  573 K) reactions, which are not included in the thermodynamic data-
base42. The oceanic crust dehydrates as it sinks. The timing of H2O release by 
dehydration reactions is determined by the physicochemical conditions of the 
model and the assumption of thermodynamic equilibrium. Water propagates 
upward into the mantle wedge and induces fluid-fluxed peridotite melting atop 
subducting slabs. Water propagation is modelled in the form of water markers: 
dehydration reactions lead to a release of water, the amount of which is stored in 
a newly generated water marker. Water markers move through the rocks with 
velocity vx(water) =  vx, vy(water) =  vy −  vy(percolation), where vx and vy describe the local 
velocity of the mantle and vy(percolation) indicates the relative velocity of upward 
percolation (vy(percolation) =  10 cm yr−1 in our experiments)42. The marker releases 
water as soon as it encounters a rock capable of absorbing water by hydration or 
melting reactions at given pressure and temperature conditions and rock compo-
sition42. Eclogitization of subducted crust is implemented in a simplified manner, 
as a linear density increase with pressure from 0% to 16% in the pressure– 
temperate region between the experimentally determined garnet-in and  
plagioclase-out phase transitions in basalt44.
Tectonomagmatic plume–lithosphere interaction model. Melt-induced weakening 
of the lithosphere above the plume is critical for subduction initiation and implies 
substantial reduction in the long-term brittle strength of rocks (τyield) that are sub-
jected to melt percolation according to the modified Drucker–Prager yield criterion 
in which the melt pressure effect14 is considered (equation (1)): τyield =  C +  φPλmelt. 
According to this equation, melt pressure plays a critical role, substantially reducing 
the long-term brittle/plastic strength of the lithosphere through which melt perco-
lates. This effect is especially important for the strong brittle part of the lithosphere, 
which cannot be weakened by ductile damage2. Melt-induced weakening is relevant 
for high host-rock viscosities (≥ 1022 Pa s, values that are found in the cool regions 
of the lithosphere and crust)14. Such weakening corresponds to conditions when 
shear stress reaches the tensile strength of rocks at nearly equal melt and total 
pressures14. The dominant features of melt transport in this regime are subvertical, 
planar, sharply localized zones (dykes) in which melt is transported upward from 
the source region14. According to the mechanical energy dissipation balance given 
in the next section, the long-term lithospheric strength parameter λmelt is a strain- 
averaged rather than a time-averaged quantity. Its magnitude is mainly defined by 
the ratio between melt pressure and lithostatic pressure along dykes during short 
dyke propagation episodes, which control most of the lithospheric deformation 
and mechanical energy dissipation. We further quantified the range of expected 
values for λmelt by performing 2D numerical hydromechanical experiments on 
melt-bearing rock deformation as well as seismomechanical experiments on long-
term lithospheric deformation assisted by short-term dyke propagation episodes. 
These numerical experiments showed that the long-term strain-averaged λmelt is of 
the order of 10−4–10−2 (Extended Data Tables 3, 4, Extended Data Figs 5, 6). The 
2D experiments also showed (Extended Data Table 4, Extended Data Fig. 6) that 
the effective lowering of λmelt for the deforming lithosphere critically depends on 
the availability of melt for enabling frequent episodes of dyke propagation through 
the lithosphere. This implies that arrival of a hotter mantle plume at the base of 
the lithosphere—characterized by larger melt production rates and dyke injection 
frequency—should enhance weakening of the overlying lithosphere. Because melt 
percolation is not directly simulated in our large-scale 3D models, we test differ-
ent values for the long-term lithospheric weakening factor λmelt (Extended Data  
Table 2). We also note that in our tectonomagmatic model we neglected melt- 
induced thermomechanical erosion of the lithosphere above the plume45.
Physical meaning and magnitude of melt-induced weakening. The physical mean-
ing of the effective magmatic weakening parameter λmelt used in the large-scale 
and long-term subduction initiation models can be interpreted on the basis of 
simplified mechanical energy dissipation balance. Consider a unit volume of the 
lithosphere, which deforms slowly during long amagmatic episodes and rapidly 
during short magmatic episodes. For each computational time step Δ t(c) of the 
large-scale model, time-integrated mechanical energy dissipation (H) for this unit 
volume can be integrated separately for magmatic and amagmatic episodes

H t tij ij ij ij= +∫ ∫τ ε τ ε(m) (m) (a) (a)d d� � (2)

where τij(m/a) and ε ( / )�ij m a  are characteristic deviatoric stresses and non-elastic (that 
is, irreversible viscous-plastic) strain rates, respectively, for magmatic/amagmatic 
episodes, and the repeated indices i, j once again denote summation. Evaluating 
the integrals in equation (2) under the assumption of constant characteristic 
stresses and strain rates within the respective episodes gives

τ ε τ ε= + ( )( ) ( ) ( ) ( )H 2 2 3II m II m II a II a

where  ε ε ε= Δ /( / ) ( / ) ( / ) ( / )� � t 2 ,ij ijII m a m a m a m a
2   τ τ τ= /( / ) ( / ) ( / ) 2 ,ij ijII m a m a m a  Δ t(c) = 

Δ t(m) +  Δ t(a), τ η ε=( / ) ( / ) ( / )�2ij ijm a eff m a m a   for any unique combination of i and j, 
τII(m/a) are second invariants of deviatoric stresses, εII(m/a) are cumulative strains, 
Δ t(m/a) are cumulative durations and ηeff(m/a) are effective (viscous-plastic) viscos-
ities for the respective episodes. To be mechanically self-consistent, the long-term 
computational model, which does not resolve rapid magmatic deformation epi-
sodes, must predict the correct mechanical energy dissipation as well as the correct 
total strain for the same computational time step Δ t(c), which thus requires
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εII(c) are respective quantities computed for Δ t(c) by the long-term model. By com-
bining equations (3)–(5) we get
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which defines the modelled second deviatoric stress invariant τII(c) as a strain- 
averaged product of τII(m) and τII(a).

We can roughly evaluate possible magnitudes of εII(m) and εII(a) for a single 
computational timestep Δ t(c), which typically varies from 30 yr to 300 yr (109–1010 s)  
for our models. In tested models with no melt-induced weakening, lithospheric 
strain rates ε ε ε= /( ) ( ) ( )� � � 2ij ijII a a a  imposed by the plume vary between 10−17 s−1 
and 10−15 s−1 (the effective viscosity of the lithosphere is 1022–1024 Pa s). 
Consequently, maximal accumulated viscous-plastic amagmatic strain 
ε ε= Δ( ) ( ) ( )� tII a II a c  for one timestep Δ t(c) should be of the order of 10−8–10−5. On 
the other hand, accumulated elastic amagmatic strain could be released during 
magmatic episodes as a viscous-plastic magmatic strain εII(m). Elastic strain release 
should be proportional to the stress level drop between the episodes (that is, 
Δ τ =  τII(a) −  τII(m)). In tested models with no melt-induced weakening, litho-
spheric deviatoric stresses imposed by the plume are of the order of 107–108 Pa. 
This should be notably higher than the brittle/plastic strength of melt-bearing 
rocks, which is of the order of their tensile strength C (and varies from 0 to 5 ×  107 
in crystalline rocks)46, owing to nearly equal total and melt pressures14. By taking 
a conservative estimate for the elastic stress release Δ τ of the order of 106–107 Pa 
and using a shear modulus G of lithospheric rocks (of the order of 1010 Pa), we 
obtain εII(m) =  Δ τ/G of the order of 10−4–10−3, which is at least an order of mag-
nitude larger than the estimated εII(a). We therefore conclude that for the conditions 
of our long-term numerical experiments, most of the irreversible viscous-plastic 
strain is accumulated during the magmatic episodes (ε ε( ) ( )�II m II a ) when the 
 lithospheric rocks are strongly weakened. Therefore, magnitudes of modelled 
stresses and strains should closely match these for the magmatic episodes (that is, 
τII(c) ≈  τII(m), εII(c) ≈ εII(m)) irrespective of their short duration (that is, irrespective 
of ∆ ∆( ) ( )�t tm a ).

In our viscous-plastic model, τII(c) in equation (6) is limited by the modified 
Drucker–Prager yield criterion (equation (1))

τ φ λ≤ + ( )( ) C P 7II c melt

which in combination with equation (6) implies that the long-term model param-
eters φ, C and λmelt are also strain-averaged rather than time-averaged quantities. 
This, in turn, implies that λmelt should closely match the magnitude of melt-in-
duced weakening λmelt(m) during the short magmatic episodes, which control most 
of the lithospheric deformation and mechanical energy dissipation.

To test these theoretical considerations we quantified strain-averaged λmelt(m) 
in deforming melt-bearing rocks47 (Extended Data Table 3) and calculated the 
long-term, strain-averaged, melt-induced lithospheric weakening parameter λmelt 
(Extended Data Table 4) on the basis of 2D numerical experiments, which are 
described in the next sections.
Modelling of melt-bearing rocks deformation. We performed systematic 2D 
numerical experiments aimed at directly quantifying strain-averaged λmelt(m) for 
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deforming melt-bearing rocks47 for a broad range of material parameters and 
deformation conditions.
Modelling approach. The numerical hydromechanical 2D Matlab code48 used for 
the modelling of melt-bearing rock deformation47 is based on a combination of a 
finite-difference method, applied on a staggered Eulerian grid, and a marker-in-cell 
technique31,32. Our coupled hydromechanical system of equations consists of solid 
and melt mass conservation equations, bulk material momentum conservation 
equations and Darcy equations for melt migration. These equations are solved on 
the Eulerian frame under the condition of mutual incompressibility of viscous- 
plastic solid and low-viscosity melt. Physical properties of the solid matrix (effective 
viscosity, density, porosity, permeability and so on) are transported by Lagrangian 
markers that move according to the velocity field interpolated from the fixed grid. 
Full details of this method, allowing for its reproduction, are provided elsewhere48.
Numerical model design and modelling procedure. The initial model set-up cor-
responds to a rectangular Eulerian domain with an aspect ratio of 10 (Extended 
Data Fig. 5a), which is resolved with a regular rectangular grid of 301 ×  31 
nodes and contains 144,000 randomly distributed Lagrangian markers. Upper 
and lower boundaries have constant horizontal velocity, which corresponds to 
a prescribed simple shear deformation rate. Side boundaries have no slip condi-
tions with the prescribed horizontal velocity changing linearly from the upper 
to the lower boundary. Lagrangian markers leaving the Eulerian grid are recy-
cled from the other side of the model. These Lagrangian markers correspond to 
a solid porous melt-bearing rock matrix and are initially assigned by a prescribed 
value of the volumetric melt content ψ  (porosity) with small random perturba-
tions. At each time step, a numerical solution is obtained on the Eulerian grid 
for solid matrix velocity vx(matrix), vy(matrix), melt pressure Pmelt and total pressure  
P =  ψ Pmelt +  (1 −  ψ )Pmatrix (refs 14, 48). The local melt content evolves during the 
numerical experiments in accordance to the implemented viscous-plastic compac-
tion equation48. The experiments are run for several hundred time steps until melt 
bands47 are formed, which localize deformation and energy dissipation and have 
strongly reduced λmelt(m) =  1 −  Pmelt/P signatures (Extended Data Fig. 5a–g). After 
near-steady-state values of strain-averaged λmelt(m) are reached (Extended Data  
Fig. 5h), they are averaged for 200 time steps (Extended Data Table 3).
Viscous-plastic rheology and permeability of melt-bearing rock matrix. The viscous 
and brittle (plastic) properties of the matrix are implemented via evaluation of the 
effective viscosity. Ductile viscosity of the matrix depends exponentially47 on the 
melt content ψ : ηductile =  η0e−aψ, where η 0 is a reference viscosity and a =  28 is an 
experimentally derived melt-weakening coefficient47,49,50. The ductile rheology 
is combined with a brittle (plastic) rheology to yield an effective viscous-plastic 
rheology using the following upper limit for the ductile viscosity, which depends 
on the local melt content as well as on the difference between total pressure P and 
melt pressure Pmelt

η
ψ φ
ε

≤
( − ) + ( − )

( )( )�
C P P1

2 8s
ductile

melt

II

where ε ε ε= /( ) ( ) ( )� � � 2s ij ijII s s  is the second strain rate invariant for the solid matrix, 
φ <  1 for confined fractures46 when P >  Pmelt (Extended Data Table 3) and φ =  1 
for tensile fractures36 when P <  Pmelt. Solid matrix permeability k depends on the 
volumetric melt content as48 k =  k0(ψ/ψ0)3, where k0 and ψ 0 =  0.01 are the reference 
permeability and melt content, respectively. The melt content ψ  changes with time 
t in accordance with the viscous-plastic compaction equation48
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where ηbulk =  ηductile/ψ is the bulk viscosity of the matrix and ηductile is corrected in 
accordance with equation (8).
Results of experiments. The hydromechanical numerical experiments show that 
the strain-averaged λmelt(m) is of the order of 10−4–10−2 (Extended Data Table 3). 
They also show that λmelt(m) in deforming melt-bearing rocks correlates positively 
with the tensile strength C and friction coefficient φ, and negatively with confining 
pressure Pconf. The magnitude of difference between P and Pmelt is, however, nearly 
independent of Pconf (Extended Data Table 3). Other parameters have less influence 
on λmelt(m): positive correlation is documented for matrix viscosity and deformation 
rate, whereas negative correlation is found for matrix permeability, melt viscosity 
and volumetric melt fraction (Extended Data Table 3).
Modelling of melt-induced weakening of the lithosphere. We performed system-
atic 2D seismomechanical numerical experiments aimed at directly quantifying 
long-term (tens to hundreds of years) strain-averaged λmelt in deforming visco- 
elasto-plastic lithosphere subjected to short-term (hours) dyke propagation epi-
sodes. Dykes are a dominant mode of low-viscosity mafic-melt transport through 
the high-viscosity lithosphere14,51 and their propagation and emplacement is 

 associated with rapid rock deformation and related seismicity52,53. Dyke swarms 
are a characteristic feature of the lithosphere above mantle plumes22,23.
Modelling approach. The seismomechanical version of the I2ELVIS code54 used for 
the modelling of lithospheric deformation assisted by frequent episodes of dyke 
propagation52,53 is based on a combination of a finite-difference method, applied 
on a staggered Eulerian grid, and a marker-in-cell technique31,32. This code allows 
for modelling both slow interseismic deformation and rapid localized deformation 
associated with seismogenesis54. A coupled seismomechanical system of equations 
consists of mass and momentum conservation equations, which account for inertial 
forces and incompressible visco-elasto-plastic rheology of rocks. Full details of this 
method, allowing for its reproduction, are provided elsewhere54.
Numerical model design and modelling procedure. The initial model set-up cor-
responds to a rectangular 3 km ×  3 km lithospheric domain (Extended Data  
Fig. 6a), which is resolved with a regular rectangular grid of 101 ×  101 nodes and 
contains 160,000 randomly distributed Lagrangian markers. All boundaries are 
free slip and have constant normal velocity corresponding to a prescribed pure 
shear strain rate (extension direction is horizontal). Material properties inside the 
domain correspond to rheologically strong lithosphere with high shear modulus 
(Glith =  67 GPa)34, viscosity (η lith) and brittle strength τyield(lith) =  C +  φP (Extended 
Data Table 4). The lithosphere deforms predominantly elastically during relatively 
long (up to several years) amagmatic episodes, which are alternated with very short  
(a few hours) magmatic dyke propagation episodes.

During each magmatic episode, a thin rheologically weak planar dyke is pre-
scribed at a new position with the smallest lithospheric strength excess relative to 
the local deviatoric stress. The dyke has its orientation randomly chosen in the 
range of 75°–105° to the extension direction55 and is characterized by a lowered 
brittle/plastic strength τyield(dyke) =  C +  φPλmelt(m) corresponding to the assumed 
characteristic λmelt(m) for melt-bearing dyke rocks (Extended Data Tables 3, 4). As 
a result, rapid visco-elasto-plastic deformation localizes along the rheologically 
weak dyke, thus releasing part of the elastic stresses accumulated by surrounding 
elastic lithospheric rocks during preceding amagmatic episodes. At the end of 
the magmatic episode, the low strength of the dyke is increased to high ambient 
strength of the lithosphere.

The duration of amagmatic episodes ta is varied in different experiments and is 
defined according to the characteristic dyke intrusion frequency (If)56
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where ε�extension is the imposed lithospheric extension strain rate and t0 is a charac-
teristic time of extension needed to overcome ambient tensile strength of the lith-
osphere C. We tested a range of ta values (Extended Data Table 4) to take into 
account possible effects of incomplete lithospheric stress release during dyke prop-
agation events (ta <  t0) and unavailability of melt needed for dyke propagation 
(ta >  t0).

The model is run for 10,000 time steps, which corresponds to 100 dyke emplace-
ment episodes. In accordance with equations (2) and (4), effective long-term  
visco-plastic strength of the lithosphere (τ eff) is computed from the integrated 
viscous-plastic strain and energy dissipation as
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where ( )�εII vp  is viscous-plastic strain rate, τ ij is the deviatoric stress and ∬ V td d  
corresponds to integration over the model volume and time. Effective long-term 
λmelt for the lithosphere is then computed in accordance with equation (7) as
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where Plith is the average pressure in the lithosphere prescribed in the experiment 
(Extended Data Table 4). For comparison with τ eff, the long-term average volu-
metric lithospheric stress in the lithosphere (τ vol) is calculated as

τ τvol II d d= ∫∫
1

tV
V t

where τ II is the second deviatoric stress invariant, V is model volume and t is time 
at the end of the experiment.
Results of experiments. The numerical experiments show (Extended Data Table 4, 
Extended Data Fig. 6) that both viscous-plastic strain ε II(vp) and energy dissipation 
are localized along dykes (Extended Data Fig. 6a, c, d) and restricted to the short 
dyke propagation episodes (Extended Data Fig. 6e, f). As a result, effective long-
term visco-plastic strength of the deforming lithosphere subjected to frequent dyke 
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propagation τ eff is much lower than its ambient viscous-plastic strength τ yield(lith). 
It is also notably lower than the long-term average volumetric lithospheric stress 
τ vol (Extended Data Fig. 6g), because most of the strain is accumulated along rhe-
ologically weak, propagating, melt-bearing dykes characterized by reduced devi-
atoric stresses compared to surrounding solid lithospheric rocks (Extended Data 
Fig. 6b). Experiments also show that the effective long-term λmelt for the litho-
sphere deforming under conditions of frequent dyke propagation (Extended Data  
Fig. 6h) is of the order of 10−3–10−2 (Extended Data Table 4), which is comparable 
to the strain-averaged λmelt(m) of melt-bearing rocks (Extended Data Table 3), and 
thus the experiments support our simple theoretical analyses based on energy 
dissipation. The experiments also show that λmelt positively correlates with the 

duration of amagmatic episodes ta and that frequent 


≤ 

ε�

t
Ga

10
2

6

lith extension
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of dykes (and thus larger melt flux from the plume) is needed to substantially lower 
the effective strength of the deforming lithosphere. Some other parameters also 
have influence on λmelt: positive correlation is documented for strain rate and 
λmelt(m) of dykes, whereas negative correlation is found for dyke length, lithospheric 
viscosity, average pressure in the lithosphere Plith, friction coefficient φ and tensile 
strength C (Extended Data Table 4).
Code availability. Open-source software ParaView (http://www.paraview.org) 
was used for the simulations shown in Figs 1, 3, 4 and Extended Data Figs 1–4. 
We have opted not to make the numerical modelling codes associated with this 
paper available.
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Extended Data Figure 1 | Numerical model design and boundary conditions. See Methods for details. 2D cross-section through the centre of the 
model shows the initial temperature distribution. Colour code for different materials is shown at the bottom of the figure.
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Extended Data Figure 2 | Influence of the oceanic plate age for plume-
induced subduction initiation. Compare with the reference model shown 
in Fig. 1. a, 10-Myr-old plate (model, ‘M1’ at 2.55 Myr). b, 60-Myr-old 
plate (model, ‘M2’ at 0.47 Myr). c, 80-Myr-old plate (model, ‘M3’ at 

0.42 Myr). d, 120-Myr-old plate (model, ‘M4’ at 0.42 Myr). Dashed lines 
indicate positions of the 2D cross-sections shown in the right column. 
Colour code is the same as that in Fig. 1. See Extended Data Table 2 for 
details of the models.
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Extended Data Figure 3 | Freezing of plume-induced subduction due 
to increased strength of upper (basaltic) oceanic crust. Compare with 
the reference model shown in Fig. 1. The model used for the simulations 
was ‘bsay’; see Extended Data Table 2. a, Oceanic plateau development 

(at 0.11 Myr). b, Subduction initiation and tearing of the circular slab (at 
1.15 Myr). c, Freezing of subduction and detachment of lithospheric drips 
from the slab edges (at 4.67 Myr). d, Cooling of the plume and thermal 
relaxation of the lithosphere (at 29.65 Myr).
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Extended Data Figure 4 | Dynamics of plume-induced lithospheric 
drips for 20-Myr-old plate with 30-km-thick crust formed under hotter 
mantle temperature conditions. The model used for the simulations was 
‘bsar’; see Extended Data Table 2. a, Oceanic plateau development  

(at 0.05 Myr). b, Formation of a circular eclogitic crustal drip at the  
plateau margins (at 0.26 Myr). c, Detachment of the circular eclogitic 
drip (at 0.34 Myr). d, Broadening of the plateau and nucleation of the 
subsequent circular eclogitic drip (at 0.46 Myr).
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Extended Data Figure 5 | 2D hydromechanical numerical model of melt-bearing visco-plastic rock deformation. See Methods for details.  
a–h, Results for time step 300 are shown. Model domain size is 500 m ×  50 m. Parameters of the numerical experiment correspond to the model ‘L27’  
in Extended Data Table 3.
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Extended Data Figure 6 | 2D seismomechanical numerical model 
of visco-elasto-plastic lithosphere deformation assisted by frequent 
episodes of dyke propagation. See Methods for details. a–h, Results 

for time step 1,555 (propagation of dyke number 16) are shown. Model 
domain size is 3,000 m ×  3,000 m. Parameters of the numerical experiment 
correspond to the model ‘D65’ in Extended Data Table 4.
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Extended Data Table 1 |  Physical properties of rocks used in numerical experiments

Physical properties are taken from refs 57–60 as indicated.
*Melting model from ref. 39 is used (Methods). 
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Extended Data Table 2 |  Conditions and results of 3D numerical experiments for plume-induced subduction initiation

aLong-lived plume conduit is prescribed.
bHigh velocity of fluid percolation from the slab (vy(percolation) =  100 cm yr−1).
cCompositional buoyancy1,41 of the depleted mantle and plume is taken into account (Methods) and pre-existing self-consistent mantle depletion profile is defined, which corresponds to dry melting39 
along the respective mantle potential temperature profile with an adiabatic thermal gradient of 0.5 K km−1.
dWet olivine rheology of the asthenosphere (AD =  5.01 ×  1020 Pan s, n =  4.0, E =  470,000 J mol−1, V =  8 J mol−1 MPa−1, σcr =  3 ×  104 Pa, C =  1 MPa, φ0 =  0.2).
ePlate thickness corresponds to the depth of the 1,373-K isotherm.
fIncreased strength of upper (basaltic) oceanic crust (φ0 =  0.1).
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Extended Data Table 3 |  Conditions and results of 2D hydromechanical numerical experiments for melt-bearing rock deformation
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Extended Data Table 4 |  Conditions and results of 2D seismomechanical numerical experiments for lithospheric deformation assisted by 
dyke propagation


	Plate tectonics on the Earth triggered by plume-induced subduction initiation
	Authors
	Abstract
	References
	Acknowledgements
	Author Contributions
	Figure 1 Dynamics of plume-induced subduction initiation under present-day mantle temperature conditions.
	Figure 2 Development of an embryonic mosaic of plates separated by spreading centres (ridges), triple junctions and transform faults at the latest stage of plume-induced subduction.
	Figure 3 Influence of model parameters on the thinning of the oceanic plate under a condition of reduced intensity of magmatism-induced lithospheric weakening.
	Figure 4 Plume–lithosphere interaction for hotter mantle temperature and thicker oceanic crust.
	Extended Data Figure 1 Numerical model design and boundary conditions.
	Extended Data Figure 2 Influence of the oceanic plate age for plume-induced subduction initiation.
	Extended Data Figure 3 Freezing of plume-induced subduction due to increased strength of upper (basaltic) oceanic crust.
	Extended Data Figure 4 Dynamics of plume-induced lithospheric drips for 20-Myr-old plate with 30-km-thick crust formed under hotter mantle temperature conditions.
	Extended Data Figure 5 2D hydromechanical numerical model of melt-bearing visco-plastic rock deformation.
	Extended Data Figure 6 2D seismomechanical numerical model of visco-elasto-plastic lithosphere deformation assisted by frequent episodes of dyke propagation.
	Extended Data Table 1 Physical properties of rocks used in numerical experiments.
	Extended Data Table 2 Conditions and results of 3D numerical experiments for plume-induced subduction initiation.
	Extended Data Table 3 Conditions and results of 2D hydromechanical numerical experiments for melt-bearing rock deformation.
	Extended Data Table 4 Conditions and results of 2D seismomechanical numerical experiments for lithospheric deformation assisted by dyke propagation.




